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Abstract In the annual mean, a southwestward along-isobath flow exists in the Mid-Atlantic Bight. It has
been shown to be driven neither by local winds, which are too weak and in the wrong direction to
explain the flow, nor by local density gradients, which are too weak to explain the flow. Prior work has
established that the mean flow is part of a local alongshore momentum balance between bottom friction
and along-isobath pressure gradient; but that work does not explain the origin of the pressure gradient.
A simple model of shelf flows driven by density anomalies elsewhere on the shelf is developed. This model
is used to argue that the annual average flow is consistent with remote forcing by density gradients on
the shelf along the southern edge of the Laurentian Channel and the Scotian Shelf. These density gradients
are largely caused by freshwater input from the Saint Lawrence River, and their effect when integrated over
the Laurentian Channel, Scotian Shelf, and Gulf of Maine shows only a weak seasonal signal.

1. Introduction

It has long been known that there is a significant continuity of flow from the Labrador Sea through to the
Mid-Atlantic Bight (hereafter MAB), even as much of the water traveling along the shelf is lost offshore
(Chapman & Beardsley, 1989; Chapman et al., 1986; Feng et al., 2016; Loder et al., 1998). Along the MAB this
along-isobath flow increases from 2 to 3 cm/s in 20 m of water to about 10 cm/s at the outer edge of the
shelf (Lentz, 2008a). Early speculation suggested that the flow was driven by cross-shelf (Iselin, 1939) or
along-shelf density gradients (Beardsley & Winant, 1979; Chapman et al., 1986), but neither is supported
by the magnitude of the observed gradients (Lentz, 2008a; Stommel & Leetmaa, 1972). Along the MAB
and Scotian Shelf, the mean winds would drive a mean circulation in opposition to what is observed, and
less than half of the interannual standard deviation in mean alongshore pressure gradient over the shelf
is associated with variability in the winds on the shelf (Lentz, 2008a; Li et al., 2014; Xu & Oey, 2011).
Recent estimates of the magnitude of shelf flows forced by topographic rectification of subinertial flows sug-
gest that this effect is too small to drive the observed flows (Brink, 2010, 2011).

It has been inferred from observations that the timemean along-isobath flow on theMAB shelf is balanced by
an along-isobath sea surface height gradient and pressure gradient that is largely uniform across the shelf
(Lentz, 2008a; Middleton, 1987; Scott & Csanady, 1976; Stommel & Leetmaa, 1972). The origin of this
along-isobath gradient is unclear. It was suggested that this pressure gradient was caused by offshore circu-
lation (Beardsley & Winant, 1979; Csanady, 1978), but these ideas were rejected at the time because simple
barotropic f-plane models found that the oceanic influence could not penetrate onto the shelf from the deep
ocean immediately offshore (Chapman et al., 1986; Wang, 1982 but see more recent work of Yang, 2007 Ma
et al., 2010). Xu and Oey (2011) model the origin of the along-isobath pressure gradient and conclude that its
variability is in large part due to flow from the coast to the 1,000 m-isobaths of the mid-Scotian Shelf (Coastal
Labrador Sea Water in their paper), and that “larger, basin or even global-scale variability ... are of secondary
importance in the MAB.” This obscures the issue, for it is not clear what drives that inflow, and if it is forced by
the larger-, basin-, or even global-scale variability.

It is well established that forcing on the shelf with along-coast scales larger than the shelf width causes flow at
the location of the forcing and in the downwave direction—the direction of long coastal-trapped wave pro-
pagation (Clarke & Brink, 1985; Csanady, 1978; e.g., Pedlosky, 1974). On this coast, these waves propagate
equatorward. In the Labrador Shelf, Scotian Shelf, Gulf of Maine, and MAB system (Figure 1), it has long
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been observed that the response to alongshore winds propagates
southwestward along the coast and that the flow responds most
strongly to winds along the shelf (e.g., Noble & Butman, 1979). More
recent modeling work finds that changes to the flow along the Scotian
Shelf and the winds on the Scotian Shelf drive significant variability on
seasonal time scales in the equatorward flow on the MAB (Feng et al.,
2016; Li et al., 2014; Xu & Oey, 2011). The annual-average along-shelf
winds are relatively weak along the MAB, Gulf of Maine, and Scotian
Shelf but are strong along shelf and in the right direction to drive equa-
torward flows along the Labrador Shelf (Greenberg & Petrie, 1988; Han
et al., 1999; Lentz, 2008a, see also plot of winds in supporting informa-
tion Figure S1).

Likewise, it has been shown that over sloping bottoms along-isobath
density gradients can drive flows not only at location of the density
gradients but also downwave of them. This phenomenon has a long
history of independent discovery and vigorous discussion of its utility
in various regions (Cane et al., 1998; Csanady, 1985; Huthnance, 1984,
1992; Mertz, 1991; Mertz et al., 1990; Sarkisyan & Keonjiyan, 1975;
Vennell & Malanotte-Rizzoli, 1987).

A diagnostic calculation of the flow driven by the observed density field
on the shelf upwave of the MAB is used below to argue that the circula-
tion in the MAB and the associated along-isobath sea surface height
gradients are driven by the density field on the shelf poleward of the
MAB. The circulation estimates produced below are in the spirit of the
primitive equation numerical modeling of (Han & Loder, 2003; Han
et al., 1999; Hannah et al., 2001; Loder et al., 1997), but instead of focus-
ing on the local circulation driven by density gradients, the focus is on
the circulation downwave of the gradients. In this way the discussion
of the flow on the MAB moves past a local discussion of the balance
between an alongshore pressure gradient and frictional forces to
consideration of the larger-scale dynamics that create the alongshore
pressure gradient. However, the diagnostic calculation of the currents

caused by observed density fields does not examine how the density fields were established. A description
of the evolution of the density field that is consistent with the predicted currents and observed forcing
remains for the future.

2. Data Sources

Wind data are taken from the Scatterometer Climatology of Ocean Winds, a climatology of wind stress
created from scatterometry data from September 1999 to October 2009 (Risien & Chelton, 2008).

The density fields and the depth-averaged density gradient fields come from the World Ocean Data Set. All
individual profiles (excluding those from moored profilers) on the shelf between the MAB to the Labrador
Shelf were kept, along with any within 0.5° of the 1,500-m isobaths. Temperature and salinity for each cast
were then linearly interpolated to depths from 0 to 600 m at 5-m intervals; the casts were extended without
gradient to the surface if within 5 m of the surface and extended to the bottom if within 15 m of the bottom.
Estuarine data were excluded from the averaging. Moored profilers were excluded because their repetitive
sampling at a single location for short durations locally skewed the averaging.

The data on a single level were sorted by season and then averaged onto the ETOPO01 spatial grid, with
1-min resolution (Amante & Eakins, 2009). The averaging was spatially weighted and weighted by the fac-
tional difference in water depth between the profile location and the averaging location. The spatial weight-
ing had 40-km e-folding scale, and the fractional-depth weighting had an e-folding scale of 0.2. The gridded
data were then converted to in situ density using the TEOS-10 equation of state; the error induced by aver-
aging T and S and then computing density with a nonlinear equation of state was judged to be less than the

Figure 1. (a) The smoothed bathymetry used in the model. Regions dis-
cussed are identified by red lines. MAB indicates the Mid-Atlantic Bight,
GoM the Gulf of Maine, and SS the Scotian Shelf. (b) Annual- and depth-
averaged density and the ETOPO01 bathymetry for the region.

10.1029/2017JC013721Journal of Geophysical Research: Oceans

PRINGLE 4465



increased error caused by only including casts with both T and S in the averages. To create annual averages,
averages were first computed for the oceanographic seasons of winter (January, February, March), spring
(April, May, June), summer (July August September), and fall (October, November, December), and then these
seasons were averaged to form an annual average. Horizontal density gradients were then formed with a
centered difference approximation.

To calculate the depth-averaged momentum equations, two vertical integrals of density gradients are
needed:

px
0
zð Þ ¼ 1

ρ0
∫
0

z
dz0

∂ρ z0ð Þ
∂x

� �
and Px

0 ¼ 1
ρ0
∫
0

�H
dz0 ∫

0

z0
dz″

∂ρ z″ð Þ
∂x

� �� �
(1)

where z is the vertical coordinate, z = 0 at the surface, and H is water depth. These integrals represent,
respectively, the horizontal gradient in dynamic pressure caused by spatially varying density at depth z
and the vertical integral of that quantity. Both are scaled by the average density ρ0. Note that the subscripts
on P0 are only equivalent to a derivative if H is a constant. Density gradients are calculated for each depth
level, and then the vertical integrals of these are calculated with the trapezoid rule, and quantities are
extended to the full water depth by assuming the density field does not change between the last calculated
level and the bottom. If there is more than 15 m of data missing over the shelf, and 50 m of data missing for
depth greater than 300 m, the integral is not calculated. A similar set of integrals is calculated with deriva-
tives in the northerly (y) direction.

Bathymetry for the numerical calculations was derived from the ETOPO1 data set (Amante & Eakins, 2009,
p. 01). The data were smoothed with a Gaussian kernel with a 5-arc minute e-folding scale. Depths shallower
than 10 m were clipped to 10 m; the offshore edge of the domain was set to the 1,000-m isobaths; however,
depths deeper than.

Hmax ¼ 600:0 � sin latitudeð Þ= sin 35°ð Þ

are clipped to Hmax. This ensures that the offshore boundary is at a constant value of f/H. There continued to
be some very abrupt topography along the edges of the Laurentian Channel as it reached the coast, near
Newfoundland, and on the southernmost portion of the slope in the model domain; the linear programming
method of Sikirić et al. (2009) was used to ensure that the fractional change in depth between depths sepa-
rated by 1 arc minute was less than 0.05. The numerical model calculations were made at 1-arc minute reso-
lution. The original and final bathymetry are shown in Figure 1.

3. Steady Linear Model of Wind and Density-Driven Flow on Shelf

To quantify the flow driven by steady winds and density gradients upon the shelf, a depth-integrated steady
linear diagnostic model of shelf flows is developed. This is similar in spirit to those developed by, for example,
Csanady (1985) but includes the variation of the Coriolis parameter with latitude, does not make an assump-
tion that alongshore scales are longer than cross-shelf scales, and does not assume that the density anomaly
is depth uniform. These changes allow the model to be applied to observed density fields along bathymetri-
cally complex shelves with closed contours of bathymetry and abrupt changes in shelf width. It is important
to note that while the equations are depth averaged, they do include baroclinic dynamics. This will be
discussed below. It is assumed that the Rossby number is small.

For this steady model to be applicable to observed flows, we must assume that there is a time scale separa-
tion between the time scale it takes for flows to adjust to the density field and the time scale over which
advection modifies the density field. The initial adjustment time scale over a flat bottom would be governed
by the Rossby adjustment process (Rossby, 1938). Over a sloping bottom the time scale would bemodified by
the time it takes coastal-trapped waves to leave the system along the shelf (Chen, 1996; Hsieh & Gill, 1984;
Klinck, 1989; Whitehead & Chapman, 1986) This time will scale as the alongshore length scale of the density
anomaly L divided by the speed of the waves c. The advection time scale will scale as the L divided by the
currents v. Thus, broadly speaking, the steady model will be useful when c ≫ v. In general, this is true since
the phase speed of long coastal-trapped waves on this shelf is well in excess of 1 m/s (Schwing, 1989), and
the currents are substantially less.
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Starting with the linear steady Boussinesq momentum equations

�fv ¼ � 1
ρ0

∂p
∂x

þ 1
ρ0

∂τx

∂z
; (2)

fu ¼ � 1
ρ0

∂p
∂y

þ 1
ρ0

∂τy

∂z
; (3)

where f is the Coriolis parameter, p is the pressure, ρ0 is the mean density, and τx and τy are the x and y com-
ponents of the vertical stress (derivations will be made with Cartesian coordinates x and y for clarity; the
numerical solutions are computed on spherical coordinates, and those equations are given in the supporting
information). In idealized solutions, x is the cross-shelf direction. From the hydrostatic approximation, the
pressure field can be found from the surface elevation and the density field:

p ¼ gρ0ηþ g∫
0

z
ρ dz ¼ gρ0ηþ gρ0p

0 zð Þ: (4)

Gradients in atmospheric pressure are neglected in this calculation. Depth integrating (2) and (3) leads to

�fV ¼ �gH
∂η
∂x

� gP
0
x þ

τxtop
ρ0

� τxbot
ρ0

(5)

fU ¼ �gH
∂η
∂y

� gP
0
y þ

τytop
ρ0

� τybot
ρ0

; (6)

where U and V are the depth integrated velocities, P
0
x and P

0
y are the scaled depth-integrated baroclinic

pressure gradient due to the density field from (1), τbot is the bottom stress, and τtop the surface wind stress.
Bottom friction is parameterized as in Clarke and Brink (1985) using a linear bottom drag r, assuming the
bottom boundary layer is thin and that the stress is proportional to the geostrophic velocity immediately
above the bottom boundary layer. This approximation assumes the existence of a geostrophic interior and
assumes that the horizontal density gradients in the bottom boundary layer do not significantly alter the
velocity within the boundary layers (e.g., there is no boundary layer arrest; Brink & Lentz, 2009; Garrett
et al., 1993). This later assumption can be problematic and will be discussed further. Given these assumptions,
the bottom stress is τ!¼ rρ0 u

!
bot for

vbot ¼ g
f

∂η
∂x

þ p
0
x �Hð Þ

� �
(7)

ubot ¼ � g
f

∂η
∂y

þ p
0
y �Hð Þ

� �
; (8)

where ubot and vbot are the geostrophic velocities at the top of the bottom boundary layer and p
0
x �Hð Þ

and p
0
y �Hð Þ are the scaled baroclinic pressure gradient at the bottom. It is useful in the following to

define the vectors p0
! ¼ p

0
x �Hð Þbi þ p0 �Hð Þybj and P0

! ¼ P0xbi þ P0ybj.
An equation for the linear potential vorticity f/H can be created by cross differentiating the depth-averaged

momentum (equations (5) and (6) and using the continuity equation ∂U
∂x þ ∂V

∂y ¼ 0 to obtain

0 ¼ J η;
H
f

� �
� r

∂
∂x

1

f 2
∂η
∂x

� �
þ ∂
∂y

1

f 2
∂η
∂y

� �� �
� ∇!� P

0!

f

0@ 1A� r ∇! ·
p

0!

f 2

0@ 1Aþ ∇!� τtop
�!
gρ0f

 !
: (9)

The first term on the right-hand side of (9) is proportional to the advection of linear potential vorticity by the
geostrophic flow driven by the surface pressure gradient; the second term is bottom friction dissipating the
relative vorticity caused by the surface pressure gradient. The last three terms are the forcing terms. The third
term includes the effect of a cross-isobath density-forced flow causing the water column to be stretched or
squished and has been called the JEBAR term. It shall be discussed further below. The fourth term is the
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bottom frictional dissipation of relative vorticity caused by the density field, and the fifth gives the effect of
Ekman pumping by the surface wind stress curl. It will be convenient in the discussion below to have this
equation in the case where density does not vary with depth, on an f plane, and depth only varies in the
cross-shelf (x) direction:

0 ¼ � ∂η
∂y

∂
∂x

H
f

� �
� r

f 2
∇2η� H

fρ0

∂ρ
∂y

∂H
∂x

� r

f 2ρ0

∂ρ
∂x

∂H
∂x

þ H∇2ρ
� �

þ ∇!� τtop
�!
gρ0f

 !
; (10)

where the terms are in the same order as before.

4. Solving the Forced Linear Potential Vorticity Equation for η
Past users of (9) have largely taken the equation in the limit that alongshore/along-isobath length scales are
much greater than the cross-shelf/cross-isobath scales. In this limit the equation can reduce to the form of a
heat equation and can be integrated along the coast in the direction of long coastal-trapped wave propaga-
tion (Csanady, 1978; Pedlosky, 1974). This technique becomes problematic when used with realistic bathyme-
try and density forcing, in which closed isobaths, short along-shelf length scales, small features in density, and
rapidly curving isobaths exist. Instead, a finite element solver was used to solve the full equation (FiPy version
3.1.3 with the default SciPy solver; Guyer et al., 2009). The finite element vertices are on the ETOPO1 grid, and
the elements are quadrilaterals. The equation was solved in spherical coordinates with a spatially varying
Coriolis parameter except when specified.

The boundary conditions on the coast are no depth-averaged flow through the coast; this boundary condi-
tion was implemented in a two-step process. Equation (9) was solved with forcing to get a particular solution
to the equation. Then the potential vorticity equation was rewritten without forcing in terms of the stream
function, and this equation was solved to find a homogenous solution that could be added to the particular
solution to obtain a solution that satisfied the boundary conditions at the coast. The details of this method are
as follows: First, (9) was solved with the boundary condition of η = 0 at the coast; this is approximately correct
in the sense that it eliminates the cross-shore geostrophic velocity. This solution is the particular solution to
the problem. A stream function is then found for this solution by solving for Ψpart with

∇2Ψpart ¼ ∇!� U
!

part (11)

where Upart is calculated from the solution to (9) ηpart using (5) and (6). The boundary conditions for (11) is a
stream function calculated from the along-boundary integral of the velocity normal to the boundary from the
particular solution U

!
part. A linear vorticity equation is then formed in terms of the stream functionΨhomo from

(6) and (5) but neglecting any forcing terms. This is the equation for the homogenous part of the solution:

0 ¼ J Ψhomo;
f
H

� �
þ ∇! ·

r

H2 ∇!Ψhomo

� �
(12)

The boundary condition on the coast is�Ψpart so that the total solutionΨhomo +Ψpart = 0 on the coast, result-
ing in no flow through the coast.

The boundary conditions at the cross-shelf boundary at the northern and southern extents of the shelf are
treated as land boundaries. The effects of this are governed by the fact that cross-shelf boundaries effect
the solution downwave of the boundary (Csanady, 1985; Pringle, 2002). Thus, the northern (upwave) bound-
ary condition is equivalent to saying no flow in the domain is forced by dynamics on the shelf farther pole-
ward. The effects of forcing poleward of the domain will be included by introducing a barotropic flow into the
model domain. The closed southern (downwave) boundary has no effect on shelf flows in the interior of the
domain outside of a narrow boundary layer whose dynamics are equivalent to Stommel’s western boundary
solution (Pringle, 2002; Stommel, 1948).

The boundary conditions on the offshore boundary are not dynamically passive. A gradient in the stream
function normal to boundary is equivalent to a flow along the boundary, and from (9) or (12) it can be seen

to drive a flux of potential vorticity into the system (e.g.,
r

H2 ∇!Ψhomo is a flux of potential vorticity and
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the second term on the right-hand side of (12) is divergence of this flux). In reality this boundary condition
will be set either by offshore dynamics (e.g., Sverdrup transport impinging on the western boundary) or
upwave dynamics (e.g., a slope current following lines of f/H along the slope). The focus of this paper is on
flows forced by dynamics on the shelf, and so the offshore boundary conditions for ηpart and Ψhomo are cho-
sen to be no-normal gradient, and thus, no alongshore current at the model’s offshore boundary. Thus, we
are explicitly neglecting forcing by slope currents, as discussed by Yang (2007) and Ma et al. (2010).

Islands in the interior present a challenge for it is unclear what stream function to assign to their perimeter. To
side step this issue, the islands are set to a water depth of 5 m, and no density or wind forcing exists over their
extent. The transport across the major islands (Prince Edwards, Newfoundland, and Anticosti) was monitored
and found to be much less than the transport around them.

Currents on the coastal boundary are noisy because of the difficulties in estimating gradients in a finite ele-
ment discretization on the boundary and because small errors in density or model solution of the stream
function can cause large errors in the estimate of velocity where water is shallow. The velocities on the coastal
boundary cells are not shown in plots of current vectors. There is no mean transport driven by this noisy solu-
tion on the coastal boundary.

5. Idealized Solutions to Density Forcing of Coastal Ocean

While our focus is on the dynamics forcing flow on the MAB, these results will be easier to understand if four
idealized solutions driven by density forcing are examined first (the wind-driven case has been examined
elsewhere extensively; Clarke & Brink, 1985; e.g., Csanady, 1978). These solutions will be derived on an f plane,
because they aremeant to illustrate how these dynamics function on the shelf where bathymetry is the domi-
nant source of potential vorticity gradient.

First, it is illustrative to examine the solution for a case where the density gradient is trapped above a depth
Hc, and Hc is always less than the water depth. Below this depth, the density is uniform and density gradient
does not reach the bottom. To further simplify this example, the density gradient is assumed vertically uni-
form above Hc. To solve this problem, a solution to the free-surface η is assumed and shown to be consistent
with (9). Guided by the intuition that a geostrophic steady state exists where there is no flow, and thus no
friction, at the bottom, assume vb = ub = 0 and (8) and (7) find that

∂η
∂x

¼ �p
0
x �Hð Þ and ∂η

∂y
¼ �p

0
y �Hð Þ: (13)

From the density structure assumed above and (1), the baroclinic scaled pressure gradients and their depth
integrals can be written as

p
0
x �Hð Þ ¼ Hc

ρ0

∂ρ
∂x

and P
0
x ¼

1
ρ0

∂ρ
∂x

HHc � H2
c

2

� �
(14)

and likewise for gradients in the y direction. Plugging these solutions into (9) we find that the second and
fourth terms cancel because there is no flow at the bottom, and the first and third terms cancel because if
the flow is confined above the constant depth Hc there is no stretching or squishing of water column by flow
across variable depths. Thus, (13) is an exact solution to the steady flow in this case if the density gradients are
confined to be away from the coast and thus η is flat at the coast. There is no pressure gradient below Hc.
Thus, in the absence of β and thus Rossby wave dynamics, a surface trapped density anomaly away from
the coast results in a steady surface trapped flow limited to where the density gradient exists. In this region
the baroclinic pressure gradient at the bottom is balanced by the pressure gradient caused by the tilt in the
surface elevation. The magnitude of the flow is consistent with the thermal-wind shear times the vertical
extent of the density gradient, in this case Hc.

Second, it is interesting to examine the solution for a case where the density gradient extends down to a flat
bottom. Again, it is assumed that there is no density gradient at the coast. The result above can be trivially
extended to this case by setting Hc = H and the same result is obtained—the pressure gradient caused by
changes in the free-surface height are balanced by the pressure gradient caused by gradients in density at
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the bottom, there is no flow at the bottom, and the flow is confined to where density gradients exist. The
magnitude of the flow is consistent with the thermal-wind shear times the vertical extent of the density gra-
dient, in this case H.

In both of these cases the solution is local, in the sense that there are only gradients in the free surface, and
there is only density-forced flow, in locations where there are density gradients (as long as density gradients
do not extend to the coast). Why this is so is the same in both cases but is easiest to see in the flat bottom
case. In this case, the horizontal gradient in density can be pulled out the integral for P0 to give

Px
0 ¼ 1

ρ0

∂
∂x ∫

0

�H
dz0 ∫

0

z0
ρ z″ð Þdz″

� �
(15)

and likewise for P’y. When this is true, the third term of (9), ∇!� P
0!

f

0@ 1A, is the curl of a gradient and thus is zero.

The first term is zero because the bottom is flat, and there is no wind by assumption. The second and fourth
terms then form all of the potential vorticity (equation (9) and can then be written as

0 ¼ �r
∂
∂x

1

f 2
∂η
∂x

þ p
0
x

f 2

� �
þ ∂
∂y

1

f 2
∂η
∂y

þ p
0
y

f 2

 !( )
; (16)

and it can be seen that (13) is a solution to the full equations. Physically, this solution exists because there is
no generation of relative vorticity when there is no flow across a sloping bottom, and no dissipation of rela-
tive vorticity when there is no flow at the bottom, and thus the potential vorticity equation is in balance.

6. Solutions for Density Anomalies That Extend to a Sloping Bottom

If, on the other hand, the bottom slopes and the density anomaly extends to the bottom, the solutions are not
local—the flow caused by the density gradients extends downwave of the region of the density gradients. It
is useful to examine this solution in the simple limit of an f-plane with no alongshore variation in bathymetry
or depth variation in density, though the solutions for the MABwill make none of these assumptions. Imagine
an isolated density anomaly formed by a region of less dense water, here given as a cosine-shaped bump:

ρ ¼ ρanom cos
2π x � x0ð Þ

xw

� �
cos

2π y � y0ð Þ
yw

� �
; x0 � xw

2
≤ x ≤ x0 þ xw

2
and y0 �

yw
2

≤ y ≤ y0 þ
yw
2
: (17)

The solution to the potential vorticity (equation (9) with the full boundary conditions is shown in Figure 2,
along with the bathymetry. The cross-shelf extent of the anomaly is 100 km, and the along-shelf extent is
800 km; the anomaly has a magnitude of �1 kg/m3. As would be expected for solutions with alongshore
scales longer than cross-shore scales, the resulting flow exists at and downwave of the density anomaly
(Csanady, 1985; Vennell & Malanotte-Rizzoli, 1987). To understand why the density anomaly forces flow into
shallower water in the density anomaly, then downwave (southward) along the shallower shelf with an
upwave (northward) return flow on the deeper slope, we can examine the vorticity equation in the f-plane

and alongshore uniform limit (10), and assuming the offshore slope in the region of forcing, ∂H∂x , is constant.

The forcing terms of the equation are

� H
fρ0

∂ρ
∂y

∂H
∂x

� r

f 2ρ0

∂ρ
∂x

∂H
∂x

þ H∇2ρ
� �

: (18)

The integral of the first term of (18) along an isobath across the entire anomaly will be zero as long as the

density is the same on either side of the anomaly, since all terms are constant but ∂ρ
∂y and the integral will

be proportional to the difference in density on an isobath on either side of the anomaly. Thus, the area

integral of this term over the density anomaly in (17) is zero. Likewise, the integral of the term � ∂ρ
∂x

∂H
∂x in

the cross-shore direction across the anomaly will be zero as long as the density at the coast and offshore

of the anomaly is the same, since ∂H
∂x is constant, and so the area integral of this term over the density
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anomaly will be zero (but note that, if there is a density anomaly at the coast, this term can be important;
Shaw & Csanady, 1983). The final forcing term �H∇2ρ will be everywhere negative for a negative density
anomaly with a single local minimum (so that the sign of the second derivative is everywhere positive or
zero). The area integral of this term will be negative and the greatest contribution to this integral will
come from where the water depth is greatest. Since this is the only term that remains in an area integral
of the forcing, the area integral over all the forcing will be negative. Thus, the net effect of this density
anomaly is to increase the linear potential vorticity f/H of the water and move water in the forcing patch
across isobaths into shallower water. The volume of water forced across isobaths into shallower water here
will be returned back across isobaths to deeper water downwave of the density anomaly.

An intuitive feel for this response can be built by noting that the free-surface η will have a local high where
the density anomaly is negative (see (13)), and this will drive an anticyclonic circulation with negative relative
vorticity (the gradients of free-surface height from (13) are plotted as dashed lines along with the full solution
in Figures 2b and 2c). The cancelation between the η-driven pressure gradient and the density gradient pres-
sure gradient will be imperfect near the bottom due to the sloping bottom, so that some of the negative rela-
tive vorticity will extend to the bottom. This negative relative vorticity at the bottom will be dissipated by
bottom friction, which is thus a source of positive potential vorticity. Since in a linear model potential vorticity
is f/H, a source of positive potential vorticity will drive flow across isobaths into shallower water. The water
forced across isobaths into the shallows in the region with density gradients will then flow downwave from
the region of density gradients, for in this system the effects of forcing influence the flow at and downwave of
the forcing (Csanady, 1985). Likewise, the source of the water crossing isobaths into the density anomaly will

Figure 2. Solution to an idealized negative density anomaly on the shelf; the magnitude of the anomaly is �1 kg/m3, bot-
tom friction r = 2.5 × 10�4 m/s. Note that the cross-shelf scale is distorted by a factor of 8. (a) The spatial extent of the
anomaly (red lines) and the resulting depth-averaged flow (arrows). The magnitude of the flow is shown in Figure 3a. The
horizontal and vertical lines mark the lines along with the spatial gradients of free-surface height η are plotted. (b) The
cross-isobath gradient of η along the along-shelf lines in Figure 2a, unitless. The dashed lines are the solutions given in
equation (13). (c) The along-isobath gradient of η along along-shelf lines, unitless. (d) The cross-shelf distribution of depth;
the bathymetry does not vary along the shelf.

10.1029/2017JC013721Journal of Geophysical Research: Oceans

PRINGLE 4471



be downwave of the anomaly; it will be an upwave flow along the isobath of the offshore edge of the
anomaly toward the anomaly. The shallow downwave alongshore flow will migrate to the shelf break
(Chapman, 1986) and join the flow returning into the region of the density anomaly on the slope.

Consistent with this explanation, as friction is decreased, the downwave extent of the flow forced by the
density anomaly increases (Figure 3; see also Pringle, 2002). Likewise, as the density anomaly is moved
offshore so the offshore edge is over the deeper slope, the alongshore downwave flow is greatly increased
because the difference in depth between the offshore and onshore parts of the density anomaly is
increased (Figure 3).

More generally, these results show how an isolated patch of less dense water will drive flow downwave of the
patch away from the patch on the shelf and back toward the patch on the slope. Likewise, a patch of denser
water will drive flow toward the patch on the shelf, and away from the patch on the slope, all downwave of
the patch.

From the above results, it would appear that away from the low-density anomaly, the flow is largely along
isobaths with a weak offshore trend. This offshore trend is deceptive, for the velocity vectors shown represent
the depth-averaged velocity. As has long been noted (e.g., Chapman et al., 1986; Lentz, 2008a), a flow that
extends to the bottom must necessarily include a balance between bottom friction and along-streamline

Figure 3. The solution for an idealized negative density anomaly of 1 kg/m3 whose location is shown by the red contours.
The colors indicate the depth-averaged speed, the arrows the direction of the depth-averaged flow. The cyan lines indicate
pathways of flow in the geostrophic interior, and the solid gray lines are the depth contours at intervals of 100 m. The
coast is at 10-m depth. (a and c) The solution for a bottom friction r of 2.5 and 10 × 10�4 m/s for an anomaly centered on the
50-m isobath. (b and d) Solutions for r of 4 × 10�4 m/s and density anomaly centered on the 25- and 75-km isobaths.
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forcing which, in the absence local forcing like wind or density gradient, will locally be a balance between
bottom friction and an along depth-averaged-velocity streamline pressure gradient. If the water is deeper
than an Ekman depth, this will lead to a cross-streamline geostrophic transport and a compensating
cross-streamline bottom Ekman transport. To quantify this, we can write the depth-averaged momentum
equations in a depth-averaged-velocity streamline coordinate system with Vψ as the along-streamline
depth-average velocity, yψ as the along-streamline coordinate, and xψ as the cross-streamline coordinate
(and thus Uψ = 0). The equations are written away from the forcing region, so there are no local density
gradients or winds, and the bottom friction is parameterized by equations (7) and (8)

0 ¼ �gH
∂η
∂yψ

� rg
f

∂η
∂xψ

(19)

�f Vψ ¼ �gH
∂η
∂xψ

þ rg
f
∂η
∂yψ

: (20)

In the limit that the frictional spin-down time is much longer than an inertial period ( r2

f 2H2 ≪1Þ the along-

streamline sea surface height gradient is found from the balance between bottom friction and the along-
streamline pressure gradient

∂η
∂yψ

¼ r

gH2 Vψ; (21)

and the cross-streamline depth-integrated geostrophic transport is

Ug
ψ ¼ � gH

f
∂η
∂yψ

¼ � r
fH

Vψ (22)

where this cross-streamline geostrophic transport is compensated for by a bottom Ekman transport so that
Uψ = 0. The ratio

Ug
ψ

Vψ
¼ � r

fH
(23)

is the ratio of across-streamline to along-tream line motion of a fluid parcel outside of the bottom boundary
layer. It is worth noting that this ratio is independent of the along-streamline velocity and depends only on
the depth, the Coriolis parameter, and bottom friction and will be to the right of the depth-averaged flow in
the Northern Hemisphere. Thus, to the extent that the flow is largely along isobaths, the path of the geos-
trophic streamlines is independent of the flow speed (the speed along these streamlines is not, however). In
Figure 3 the path of particles transported by the geostrophic flow is shown downwave of the density anom-
aly; since the flow on the shelf is toward the equator, the geostrophic streamlines tend to move toward the
coast. It can be seen that, downwave of the density anomaly, a negative density anomaly forces a geostrophic
onshore flow on the shelf above the bottom boundary layer. This flow leads to significant cross-shelf trans-
port in the geostrophic interior.

7. Modeling the MAB: Forcing From Poleward of the Laurentian Channel

Poleward of the Laurentian Channel, there exists an equatorward flow on the shelf (Greenberg & Petrie, 1988
and citations therein). It is driven by the equatorward annual mean winds on the Labrador Shelf, density
gradients along the shelf, and the barotropic portion of the Labrador Current, which is in part the subpolar
western boundary current of the Atlantic (Greenberg & Petrie, 1988; Han et al., 2008, cf. supporting informa-
tion Figure S1 for mean winds). These flows would appear to this diagnostic calculation of the circulation as a
barotropic inflow through the Strait of Belle Isle (between Newfoundland and the mainland) and on the shelf
to the south of Newfoundland. The response of the Laurentian Channel and the Scotian Shelf to this forcing
has been described in depth in Han et al. (1999). In both Han’s model and calculations with this model when
forced similarly, when flow from the Newfoundland Shelf and the Strait of Belle Isle encounters the deep
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Laurentian channel (≈500-m deep, roughly 90-km wide), it turns and fol-
lows the isobaths in the direction of coastal-trapped wave propagation.
Streamlines over shallow isobaths are forced onto deeper isobaths at
the steep westmost point of Newfoundland, or where the Laurentian
Channel reaches the coast. Both are regions of very steep bathymetry,
which will tend to force the transport onto deeper isobaths (e.g.,
Pringle, 2002).

Once the streamlines are over the deeper isobaths, they remain topo-
graphically steered and thus remain largely along the west side of the
Laurentian Channel and then onto the slope offshore of the Scotian
Shelf, Gulf of Maine, and MAB (Han et al., 1999). Some transport reenters
the Scotian Shelf through deep channels that bisect the shelf and then
flow into the Gulf of Maine (Han et al., 1999 and Figure 4). To capture
the effects of these shelf flows on the MAB, a barotropic inflow of 1 Sv
is introduced into the model at the mouth of the Saint Lawrence
Estuary. This drives a 1-Sv flow along the western side of the
Laurentian Channel that is consistent with observations and modeling
(Table 2 of Han et al., 1999). The local effects of this inflow are shown in
Figure 4, and the effects on theMAB currents are presented below. Since
this model is linear, it is straightforward to use these results to estimate
how interseasonal and interannual variability of transport from the
Labrador Shelf into the Laurentian Channel will affect the MAB.

8. Modeling the MAB: Density Forcing From the
Laurentian Channel Equatorward

The remainder of the analysis will focus on density-driven flows because
the annual mean winds over the shelf are relatively weak from the
Laurentian Channel to Cape Hatteras. Several analyses have suggested
that for climatological annual mean flows examined here, the winds
are unimportant in the MAB and Scotian Shelf (Han et al., 1999; Lentz,
2008a; winds are shown in Figure S1 supporting information).

The density driven flow in the MAB is calculated using the annual mean
density field. For most results, only forcing from upwave of the MAB is
included both because it has been established that the local density
field is not an important contributor to the annual mean flow on the
shelf (Lentz, 2008a, 2008b; Shearman & Lentz, 2003) and because the
local response to density forcing is sensitive to small-spatial scale gradi-

ents, and in the climatology this is often noise. The solution is computed with full depth-varying density and
latitudinally varying Coriolis parameter.

A vector field of the solution shows the similarity of the solution in the MAB with (Figure 5a) and without
(Figure 5a) local forcing; the similarity of the two is evident, alongwith the increased noise where local forcing
is included. The only systematic difference is the stronger circulation over the slope, associated with strong
cross-isobath density gradients there. The regions of reduced flow on the shelf are associated with increased
distance between isobaths, as would be expected for a flow largely following isobaths (Pringle, 2002). The
solution with forcing everywhere for the full domain is shown in the supporting information.

To more clearly compare the shelf circulation forced by the remote density gradient to the observed shelf
circulation, the along-isobath depth-averaged flow in the MAB region (as defined by the rectangle in
Figure 5) is averaged by depth bins. Because the calculation of the currents forced by the density field is lin-
ear, the resulting flow can be broken up into components forced by different regions; the regions are shown
in Figure 1. This average alongshore flow is shown in Figure 6 for forcing from the coast to the 200-m isobath
and from the coast to the 500-m isobath and is separated into the flow driven by density gradients on the
Labrador Shelf, in the Laurentian Channel/Grand Banks region, the Scotian Shelf, and the Gulf of Maine.

Figure 4. Depth-averaged currents forced by a 1 Sv inflow into the lower
Saint Lawrence Estuary. This inflow is meant to roughly capture the effect
of inflow from poleward of the Laurentian Channel. The colors represent
current speed, as given in meter per second in the color bar. Arrows omitted
where flow is less than 2 cm/s; only every third arrow plotted. The two
panels differ only by the region shown.

10.1029/2017JC013721Journal of Geophysical Research: Oceans

PRINGLE 4474



Note that since the potential vorticity equation is forced by the gradi-
ents in density (and not the density directly), limiting the forcing to
inshore of some isobath does not create a large forcing anomaly at
the edge of the forcing.

To compare the model’s estimate of the remotely forced along-isobath
flows and associated along-isobath pressure gradients to observational
estimates of these quantities, it is necessary to understand how these
quantities were estimated from the observation of currents. Lentz
(2008a) analyzed the annual mean along-isobath flow in the MAB and
decomposed it into the various terms of the along-shelf momentum
equation in his equation (14). Lentz (2008a) combined this with observa-
tions of local forcing (e.g., local winds and density fields) to obtain an
estimate of the contribution of the local along-isobath sea surface
height gradient to the alongshore momentum balance. This term is of
the form gHηy/r where this ηy represents the along-isobath gradient in
sea surface height. It captures the local effect of nonlocal forcing; it is cal-
culated as the residual term in along-isobath momentum equation
when the effects of local forcing are removed. The remotely forced cur-
rent is about 8 times greater than that forced by local density gradients.
While Lentz uses this term to estimate ηy, any uncertainty in the linear
bottom friction r will be directly reflected in ηy; if the estimate of r is
10% to large, so will be the estimate of ηy. It is more robust to think of
this term as an estimate of the currents forced by the along-isobath
sea surface height gradient. Thus, in Figure 6, the depth-averaged cur-
rents in the MAB from the model forced only upwave of the MAB are
compared to Lentz’s gHηy/r calculated with his bottom friction
(2.5 × 10�4 m/s, estimated from bottom stress measurements) and his
estimate of alongshore sea surface height gradient from his analysis of
the alongshore momentum equation (3.7 × 10�8). When comparing
the estimate of the along-isobath pressure gradient estimate from
Lentz’s observational estimate, it is worth noting that he produced a sec-
ond estimate from the cross-depth-averaged flow in the geostrophic
interior. This later estimate is well correlated with the first but suggests
an along-shelf surface slope about 60% larger. Lentz discusses how this
estimate could be less reliable than the estimate from the alongshore
momentum balance as it is dependent on the measurement of small
cross-shelf currents; however, taken together with other estimates of
the along-isobath pressure gradient they can provide some estimate
of the error in this quantity—somewhere between 3.7 × 10�8 and 3
times that value (Scott & Csanady, 1976; cf. Stommel & Leetmaa, 1972).

Most of the MAB alongshore current in the model is forced by density gradients in the Gulf of Maine or in the
Laurentian Channel region (Figure 6). The density gradients shallower than 200 m are relatively more impor-
tant in the Gulf of Maine region; the gradients deeper than 200 m are relatively more important in the
Laurentian Channel region forcing. The shallower density gradients are relatively more important in
the Gulf of Maine because there is relatively little water deeper than 200 m in the Gulf of Maine. In the
Laurentian Channel region, the only significant area of water deeper than 200 m is on the boundary of the
Laurentian Channel, suggesting that the density gradient at that boundary is of primary importance to
MAB flow. The magnitude of the alongshore currents forced by the remote density gradients is of a similar
magnitude to those expected from Lentz’s (2008a) estimate; however, the similarity of these two estimates
is sensitive to the exact choice of linear bottom friction.

The density gradients on the slope do not greatly affect the shelf flow on the MAB in these calculations. There
is little change in MAB flows forced by density gradients on the Scotian Shelf or Gulf of Maine when the upper
slope is excluded (Figures 6a and 6c, only density gradients inshore of the 200-m isobath) or included

Figure 5. Depth-averaged currents in the Mid-Atlantic Bight region. The col-
ors represent current speed, as given in meter/second in the color bar.
(a) The solution with density forcing everywhere in the model domain, (b) the
solution with density forcing everywhere outside the Mid-Atlantic Bight.
Neither panel includes a barotropic inflow into the Laurentian Channel. Arrows
were omittedwhere flow is less than 2 cm/s; only every fourth arrow is plotted.
The red box in Figure 5b indicates the region of the Mid-Atlantic Bight over
which currents were averaged. Similar figures for the rest of themodel domain
are given in Figure S2.
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(Figures 6b and 6d). Including density gradients to 500 m over Laurentian and Grand Banks region has a large
effect on MAB flows because it changes the amount of the Laurentian Channel included. Experiments (not
shown) changing the extent of the forcing on the slope in the Laurentian Channel-Grand Banks region had
little effect on MAB shelf flows. The relative unimportance of the slope density field can be understood by
examining where the 27.0 σ density surface intersects the bottom in the summertime climatology of
Fratantoni and Pickart (2007) from the Grand Banks to the MAB it remains on about the 180-m isobath.
There is little near bottom along-isobath density gradient on the slope to excite a remote flow.

The regional average along-isobath currents are calculated from the mean density for each season and each
region and are shown for several depths in Figure 7. The magnitude of the overall seasonal cycle is much less
than the mean; and in particular, the reduction in transport forced by winter density gradients in the Gulf of
Maine is somewhat offset by increased transport forced by gradients in the Scotian Shelf. This is consistent
with Lentz’s (2008b) attribution of most of the seasonal cycle in currents on the MAB to local forcing variabil-
ity. Anomaly plots of the seasonal cycle of density are given in the supplementary information.

9. Discussion

The results above (Figure 6) describe how the density gradients in the Gulf of Maine, Scotian Shelf, and
Laurentian Channel drive a mean southwestward along-isobath circulation in the MAB. The equatorward
flow over the shelf is consistent with idealized response of a shelf ocean to a region of anomalously less
dense water; downwave of the anomaly over the shelf there is an equatorward flow. This region of less
dense water (Figures 1 and 8) is created by the entrance of Saint Lawrence River water into the
Laurentian Channel and Scotian Shelf (El-Sabh, 1976; Han et al., 1999). As expected from the idealized
modeling, the flow downwave of the low-density anomaly region is away from the low density and

Figure 6. Depth-averaged along-isobath currents in the Mid-Atlantic Bight as a function of depth. Colors indicate the frac-
tion of the currents forced by density gradients in each region and by the barotropic forcing representing forcing from
poleward of the Laurentian Channel. The black line indicates the Lentz’s estimate of the remotely forced along-isobath
depth-averaged currents. (a) Bottom friction of 5 × 10�4 m/s includes density gradients from coast to 200-m isobaths.
(b) Bottom friction of 5 × 10�4 m/s includes density gradients from coast to 500-m isobaths. (c) Bottom friction of
2.5 × 10�4 m/s includes density gradients from coast to 200-m isobaths. (d) Bottom friction of 2.5 × 10�4 m/s includes
density gradients from coast to 500-m isobaths.
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toward the equator. The results of the model compare well to Lentz’s estimate of remotely forced currents
when a bottom friction of 5 × 10�4 m/s is used (Figure 6). When a lower value of 2.5 × 10�4 m/s is used,
the remotely forced alongshore currents become about 40% larger than observed. These values of bottom
friction roughly bracket the range of commonly used values (Brink, 1982; Lentz, 2008a; Pringle, 2002). The
rough agreement between Lentz’s estimate of the remotely forced currents and the model’s prediction of
those currents suggests that the dominant forcing for the mean along-isobath flow in the MAB is density
gradients in the Laurentian Channel, Scotian Shelf, and Gulf of Maine, with the first and last of
these dominating.

Nonetheless, the strength of the remotely driven flow is strongly dependent on the magnitude of the bottom
friction acting on the annual or seasonally averaged flow, a poorly constrained quantity (Figures 3 and 6). The
value of the linear bottom friction coefficient is uncertain, for it is the linearization of a nonlinear process
(Bowden, 1953; Hunter, 1975), and its magnitude depends on the root-mean-square magnitude of current
fluctuations at all frequencies (Hunter, 1975) and poorly understood bottom roughness (Grant & Madsen,
1979) and form-drag processes (Brink, 2010, 2011). There is no reason to expect that the best bottom friction
to use in a local momentum balance in the MAB will be the best value to use for the vorticity model over the
shelf from the Laurentian Channel to the MAB since the root-mean-square of the currents at all frequencies
will vary strongly with space over this region—in particular, around the tidal resonance in the Gulf of Maine.
Cross-isobath advection of density in the bottom boundary layer can also act to reduce the friction driven by

Figure 7. The depth-averaged along-isobath currents in the Mid-Atlantic Bight at depths of 25 m, 50 m, 75 m, and 100 m
for the four seasons. Colors represent the fraction of the currents forced by density gradients in the four regions
upstream and upwave of the Mid-Atlantic Bight, and the contribution of the barotropic inflow representing forcing pole-
ward of the Laurentian Channel. The barotropic inflow is assumed constant by season. All result for bottom friction of
5 × 10�4 m/s and include density gradients from the coast to 500-m isobaths.
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overlying geostrophic flows (Garrett et al., 1993). It may be that the best
way to quantify this friction is diagnostically from a numerical model
that resolves both tides and the contribution of surface gravity waves
to bottom currents and thus drag. The uncertainty in the bottom friction
value (and formulation) is the most significant difficulty in quantitatively
linking the magnitude of flows on the MAB forced by density gradients
poleward of the MAB.

The uncertainty in the friction coefficient complicates the comparison of
the models average along-isobath sea surface height gradient, because
existing observational estimates of the slope gradient are, essentially,
solutions for the residual of an along-isobath (or along-streamline,
along-coast, or along-major axis) momentum balance. As described
above, these really are estimates of the ratio of the slope gradient to
the local linear bottom friction coefficient. Thus, when our model’s esti-
mate of remotely forced along-isobath currents roughly agrees with
Lentz’s observations with a bottom friction of 5.0 × 10�4 m/s (twice
Lentz’s bottom friction coefficient), the models MAB average along-
isobath slope gradient is roughly twice Lentz’s estimate. When the
model is run with Lentz’s preferred bottom friction of 2.5 × 10�4 m/s,
it over predicts the currents by roughly 40% but its prediction of the
along-isobath slope gradient is only 40% greater than Lentz’s estimate.
Any attempt to estimate bottom friction and along-isobath sea surface
slope by fitting the model to data will depend on the relative weight
given to estimates of along- and cross-isobath currents. It seems clear
that estimates of the remotely forced along-isobath currents are more
robust than the indirect measures of the along-isobath slope gradient.
Further progress must depend on better estimates of the appropriate
fiction to apply to seasonal and annual mean flows.

These results do not conflict with the prior literature. Xu and Oey (2011)
argue from a modeling study that much of the variability in the along-

shore pressure gradient in the MAB is due to variability in the inflow of Coastal Labrador Sea Water. They
quantify this inflow by integrating the transport across a section from the coast to the 1000-m isobaths at
approximately Halifax, NS, in the southern Scotian Shelf (their section 5b). Given that we find much of the
flow over the MAB is forced by density gradients north (and thus upwave) of this section that drive flows
through this section, this result of Xu and Oey (2011) is consistent with the results above. They find that var-
iation in river inflow into their model does not drive significant variability in the MAB alongshore pressure
gradient—but their river inflow is confined to rivers in the United States and does not include the Saint
Lawrence River (their section 2). Li et al. (2014) similarly found that interannual variability in the large-scale
winds along the Scotian Shelf would drive interannual variability in the alongshore pressure gradient in
the Gulf of Maine and thus likely in the MAB. This seems entirely plausible and consistent with the results
described above. The reason that similar winds do not contribute to the annual mean along-isobath pressure
gradient is that they are weak when averaged over many years—but in this region these winds can be large
when averaged over a single season or year (e.g., Lewis et al., 2001).

Chapman and Beardsley (1989) use oxygen isotope data to argue that the water that flows along the MAB is
part of a larger-scale circulation system originating along the southern coast of Greenland. The arguments in
this work in no way contradict or contribute to Chapman & Beardsley’s conclusion; there is flow from the
Labrador Shelf and the Newfoundland Continental Shelf to the Laurentian Channel (Greenberg & Petrie,
1988; Loder et al., 1998; Petrie & Anderson, 1983). The processes that drive this flow lie, presumably, locally
or poleward of there. The Saint Lawrence and other regional river add fresh water to this system that create
a regional density gradient that continues to drive this flow downwave from the channel to the MAB.

The annual mean depth-averaged flow in mid-Atlantic is largely along isobaths and to the southwest both in
the observations (Lentz, 2008a; Shearman & Lentz, 2003 and citations therein) and in the model results
(Figures 5 and 6). However, this does not mean there is negligible cross-isobath transport onto the shelf.

Figure 8. The annual average (a) salinity and (b) density at 50-m depth. The
colors have been chosen to highlight the changes from the Laurentian
Channel to the Mid-Atlantic Bight, leading to uncolored regions along the
Labrador Shelf.
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Lentz (2008a) finds that the dominant forcing for the along-isobath
flows are the alongshore, upwelling-favorable wind forcing, a mean
poleward flow, and the along-isobath poleward surface height gradi-
ent driving an equatorward flow, with the effect of the latter on
alongshore flows exceeding the former offshore of the 40-m iso-
baths in his model (observations show equatorward flows every-
where over shelf). However, as described above in the derivation
leading up to equation (23) and in Lentz’s derivation and observa-
tional results, the along-isobath pressure gradient-driven flow is
associated with an onshore cross-isobath geostrophic flow between
the surface and bottom boundary layers. This transport will tend to
pull saltier waters from offshore onto and across the shelf. The
remotely forced cross-isobath transport can be thought of as an
extreme downstream continuation of the Saint Lawrence River estu-
ary, where pressure gradients caused by the coastal injection of
fresh water by the Saint Lawrence drives mixing between fresher
water on the shelf with saltier oceanic water. To illustrate this
onshore transport, we estimate the path of a water parcel in the
geostrophic interior. Assuming that the dominant depth-average
flow is along-isobath and that a geostrophic interior exists, the arc-
tangent of (23) gives the angle of a water parcel’s path relative to
an isobath. This path is independent of the magnitude of the remo-
tely driven flow and is shown in Figure 9 for a particle starting just
downstream of the Hudson Canyon on the 75-m isobaths, for a bot-
tom friction 5 × 10�4 m/s. Also shown is the annual mean salinity
isobaths at 40 m that crosses the starting location of the path. The
path cross much of the shelf, reaching the 30-m isobaths before
being trapped by a sea-hill whose short along-shelf scale violates
the assumptions of this simple model. The path roughly follows
the salinity contour until the latter intersects the bottom, suggesting
how remote forcing can drive substantial cross-shelf fluxes in the
MAB. Of course, the actual path will be altered by the local forcing
—in particular, the annual mean upwelling-favorable wind will drive

a poleward geostrophic interior flow, which will tend to cause the paths to cross farther across the shelf
into the shallow waters per unit distance along isobath because it reduces the along-isobath equator-
ward velocity without reducing the cross-isobath geostrophic velocity.

However, any further analysis, in the context of this paper, of how remotely driven flows drive cross-shelf
fluxes of water of different salinities is unlikely to be insightful. Even the last paragraph is likely overreach.
The diagnostic calculations in this work neglect how the flow will advect density. The cross-isobath transport
will advect water of different densities across isobaths, setting up density gradients in the interior of the water
column that will drive other flows. This cross-isobath advection of water could also be important in the bot-
tom boundary layers, setting up full or partial boundary layer arrest that could reduce the effective bottom
drag on the geostrophic currents above the bottom boundary layer (Brink & Lentz, 2009; Garrett et al.,
1993). Density advection is fundamentally nonlinear and beyond the scope of the model in this work; on
short time scales this is not a problem because the density-driven flow is set up on a time scale short com-
pared to density advection. But the next step in understanding how density anomalies on the shelf drive local
and remote flows is to study how the system evolves on the time scale over which advection alters the den-
sity field. The work on this nonlinear problem has started (e.g., Shaw & Csanady, 1983), but much more needs
to be done. To further understand the mean and seasonal flows in the MAB, we must study how advection
interacts with fluxes of salinity from rivers and the deep ocean, and atmospheric buoyancy fluxes, to set
up the density fields that drive the observed flow.

The inversion of the observed density field to obtain estimates of the current field, as described above, would
seem to be an easy and fast way to estimate shelf currents, especially since the inversion allows one to also

Figure 9. The red line is the path predicted for a water parcels in the geos-
trophic interior exposed to only remote forcing for a friction values of
5 × 10�4. The water parcel starts at the 75-m isobath near Hudson Canyon
and moves south-west until it reaches the 30-m isobath. The green line is a
contour level of annual average salinity at 40-m depth for the value of salinity
that coincides to the parcel’s initial position near Hudson Canyon. The gray
contours are bathymetry at 25-m intervals from the coast to the shelf break.
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specify a wind field. The computational costs are modest. However, the solution is only valid if they set up on
times short compared to the evolution of the density field and will only remain valid until advection alters the
density field. This can limit the applicability of this technique significantly. Those interested in applying this
technique in this or other coastal regions should examine the supporting material for some comments on
other pitfalls and limitations of this method that are not obvious from the discussion above.

10. Conclusion

Much of what is known about circulation on the shelf and slope has been discovered by diagnosing along-
shelf currents from cross-shelf hydrographic sections with the thermal wind relation and some assumption
about the level of no motion (El-Sabh, 1976; Fratantoni & Pickart, 2007). Less discussed is how these density
gradients can affect the circulation downwave of their location. Building on earlier studies (Csanady, 1985;
Vennell & Malanotte-Rizzoli, 1987) the results above argue that regional density anomalies on the shelf drive
currents far downwave of the anomalies. In particular, the annual mean flows along the MAB are consistent
with the flows that are expected to be driven by distant low salinity, low-density anomalies along the
Laurentian Channel and to lesser extent in the Gulf of Maine. Much of this salinity anomaly is a result of
freshwater input from the Saint Lawrence River (El-Sabh, 1976; Han et al., 1999; Wu et al., 2012). The remotely
driven flows on the MAB include a substantial cross-isobath component in the geostrophic interior; this
circulation would tend to draw saltier water from the slope across the shelf. These results suggest that we
can view the MAB as part of a larger estuarine system that stretches from the Saint Lawrence River to
Cape Hatteras. Further understanding of this system will come when the advective dynamics transporting
the buoyancy input onto the shelf are better understood.
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Erratum

In the originally published version of this article, the captions for Figures 7 and 8 were switched in the
typesetting process. This has since been corrected and this version may be considered the authoritative
version of record.
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